In the deep biosphere, microbial sulfate reduction (MSR) is exploited for energy.
rite is typically in the range of +30 to +50‰ due to Rayleigh-type processes (Borowski, Rodriguez, Paull, & Ussler Iii, 2013; Jørgensen, Böttcher, Lüschen, Neretin, & Volkov, 2004) , and in extreme cases, it has been reported as heavy as +114.3‰ (Lin et al., 2016) . Hence, substantially 34 S-enriched pyrite has been proposed as a signature for AOM in anoxic sediments (Borowski et al., 2013; Jørgensen et al., 2004; Lin et al., 2016) , a diagnostic tool that may be important for understanding and tracking past and present fluxes of the greenhouse gas methane. However, the formation of significant amounts of superheavy pyrite is associated with a mass balance problem that cannot be fully explained by a simple Rayleigh reservoir effect, as this effect only generates a small portion of superheavy pyrite in the very last stage of sulfate removal. It can therefore not explain pooled δ 34 S values of produced sulfide that are significantly heavier than the initial sulfate value. Attempts to solve this mass balance problem in marine sediments have involved AOM-MSR coupled to a hydrogen sulfide sink that removes less 34 S-enriched S form the system (Jørgensen et al., 2004) . In addition, Antler et al. (2014) plus Antler, Turchyn, Herut, and Sivan (2015) identified a link between heavy S isotope composition and the O isotope composition of precipitated and dissolved sulfate and that the intracellular pathways of sulfate reduction may vary among different AOM environments.
However, it should be noted that high δ 34 S values have also been found in deltaic muds that experience frequent episodes of sedimentary reworking (Aller, Madrid, Chistoserdov, Aller, & Heilbrun, 2010 ) and are thus not necessarily a diagnostic tool for identifying AOM in anoxic sediments.
There are several outstanding questions, including how large volumes of superheavy pyrite are formed in general, how in such systems the mass balance is maintained, and whether superheavy pyrite is a diagnostic marker for the AOM process. Here, we address these points with a comprehensive microanalytical study of pyrite precipitated in three deep fracture systems in crystalline rocks. We present previously unseen features of S-isotope fractionation and
Rayleigh isotope effects and explore the potential link to AOM by analysis of the C isotope composition of cogenetic calcite. The timing and environment in which the pyrite formed were assessed through biomarker analysis, fluid inclusion geothermometry, and (U-Th)/He and in situ Rb-Sr geochronology of cogenetic minerals.
| Geological setting
The sampled pyrite-bearing fractures are from three areas with Proterozoic crystalline bedrock, termed Forsmark, Götemar, and Laxemar on the Baltic Shield. The Forsmark area mostly features metamorphosed rocks (mainly granitoids) formed at 1.89 to 1.86 Ga during the Svecokarelian orogeny predominantly ( Figure 1 ) (Söderbäck, 2008) . At Götemar, a granite intruded at around 1.44 Ga (Åhäll, 2001 ) into 1.80 Ga old granitoids of the Transscandinavian igneous belt (Wahlgren et al., 2006) . The Drake, Tullborg, & Page, 2009) . Previous studies of the fracture-mineral assemblages used conventional bulk sample isotope determinations and limited radioisotopic dating to link the mineral assemblages to various tectonic events in the near field (e.g., intrusions), and far field (e.g., orogenic events) (Alm, Sundblad, & Huhma, 2005; Sandström, Tullborg, Larson, & Page, 2009) . In this study, the focus is on a mineral assemblage dominated by euhedral calcite, pyrite, and fluorite that yielded ages of 450-270 Ma in a few previous bulk Ar-Ar adularia and Sm-Nd fluorite-based determinations (Alm et al., 2005; ). This assemblage has been linked to the Caledonian orogeny and the development of a several kilometer thick foreland basin (Cederbom, 2001; Guenthner, Reiners, Drake, & Tillberg, 2017 ) that was subsequently uplifted, eroded, and removed during Neogene erosional episodes (Guenthner et al., 2017; Japsen, Bidstrup, & Lidmar-Bergström, 2002) . Within this mineral assemblage, accessory minerals vary considerably between different fractures and include adularia, quartz, chlorite, illite, corrensite (and other mixed-layer clays), apophyllite, galena, barite, bastnäsite, chalcopyrite, zeolites (harmotome, analcime, and natrolite), and, additionally, gypsum and asphaltite in Laxemar and Forsmark, respectively ). This mineral assemblage has fluid inclusion homogenization temperatures predominantly below 100°C (Alm et al., 2005; ) that allows for a potential microbial influence in contrast to the omnipresent older mineral assemblages of clearly higher temperature hydrothermal character. Additionally, hematite and a small number of cogenetic adularia and clay minerals were sampled for geochronology.
| ME THODS

| Sampling
| Sample preparation
Sample characterization and mineral identification was carried out directly on the fracture surfaces using a Hitachi S-3400N SEM equipped with an integrated energy dispersive spectroscopy (EDS) system under low-vacuum conditions. The pyrite and calcite crystals Figure 3 and Supporting Information Figure S1 ). Low-temperature K-feldspar (adularia) being cogenetic with pyrite (as revealed by SEM investigation, Figure 3d ) in sample KLX07A:357 and KLX04:925 was hand-picked from the fractures. These crystals were mounted in epoxy and polished. The polished crystals were examined with SEM to distinguish secondary adularia from primary wall rock feldspar, which had acted as a nucleus for the secondary adularia feldspar (Figure 3 , Supporting Information Figure S1 ). 
| SIMS stable isotope analysis
Intracrystal SIMS analysis (10 μm lateral beam dimension, 1-2 μm depth dimension) of sulfur isotopes was performed on a CAMECA IMS1280 ion microprobe during several analytical sessions following the analytical settings and tuning reported previously (Drake, Tullborg, Sandberg, Blomfeldt, & Åström, 2015; Drake et al., 2013; Kamber & Whitehouse, 2007 (Ding et al., 2001) . Analytical transects of up to eleven spots were made from core to rim in the crystals (data listed in Dataset S1, transects of specific crystals shown in Figure 4 ). Two to 37 crystals were analyzed from each fracture sample (median n = 4). (Cabral et al., 2013) and +0.3‰ (Crowe & Vaughan, 1996) , respectively. For one session, the pyrite standard S0302A with a were measured, each analysis taking ca. 44 min that included a 10 min presputter over an area of 150 × 150 μm to remove the gold coating, centering of the secondary beam in the field aperture and optimization of the mass calibration. In SII mode, all species must be detected using an EM, which has an upper count rate limit of 1.5 MHz. Therefore, in order to maximize the count rate on the least abundant isotope without risking an overload of the EM by the most abundant isotope, the ratio 34 S/ 33 S (≈5.6) was chosen in preference to the conventional 34 S/ 32 S (≈22.6), with correction to δ 34 S during processing assuming only mass dependent fractionation, as documented in the spot analyses (Supporting Information Figure S2 ). Raw ion images were processed using the Winimage2 software, using previously determined δ 34 S values from spot analyses to normalize the images to true values.
Linescans were generated in the Winimage2 software using a 5 μm square box. The typical uncertainty on δ 34 S in the line scans was between 2.7 and 3.8‰ (1σ, compared to ±0.13‰ from the spot analysis).
Secondary ion mass spectrometry analysis of δ 13 C was targeted in calcite cogenetic with the pyrite. If there were several growth zones, the zone related to pyrite growth was targeted. For the samples with very heavy pyrite (KLX14A:80 and KLX07A:357), transects of both δ 13 C and δ 18 O were targeted within the cogenetic calcite crystals (Supporting Information Data S1). In total, 111 δ 13 C and 38 δ 18 O analyses were performed (10 μm lateral beam dimension, 1-2 μm depth dimension) on the same CAMECA IMS1280 described above. Settings follow those described for S isotopes, with some differences: O was measured on two Faraday cups (FC) at mass resolution 2,500, whereas C used a FC/EM combination, with mass resolution 2,500 on the 12 C peak and 4,000 
| Rb-Sr geochronology
| (U-Th)/He geochronology
He degassing and U-Th analyses of secondary hematite hand-picked from a fracture surface (co-occurrence with pyrite; Figure 5b ) were conducted. Aliquots with ~1-2 mm dimensions, greater than one α-stopping distance, were loaded into 1-mm Nb packets and inserted into an ultra-high vacuum line laser cell with a sapphire window. He was extracted by heating to temperatures of ~1,000°C for 10-15 min using a Nd-YAG laser. Extracted gas was spiked with 3 He, purified using cryogenic and gettering methods, and analyzed on a Q MS. Each aliquot was heated a second time to temperatures slightly greater than the first extraction but negligible gas was released. U and Th contents of each aliquot were measured by isotope dilution with a 233 U-229 Th spike and solution ICP-MS, using HF dissolution in a pressure digestion vessel. U and Th isotopes were measured by ICP-MS.
| Biomarkers
Separated calcite samples and a sea sand reference blank (1 g each) were ground and extracted with 2 ml of predistilled dichlo- 
| Fluid inclusions
Microthermometry techniques were used for fluid inclusions in calcite in double-polished thin sections, using a Linkam THM 600 stage mounted on a microscope following the setup and conditions presented in .
| Raman spectrometry
Raman analysis was performed on the blackish clay mineraldominated material in the thin section sample of KLX14A:80 using the same equipment and analytical conditions as in .
| RE SULTS
| Sulfur isotope patterns
The The superheavy pyrites are observed down to depths of −920.7 m (in Laxemar), but the majority of these observations come from the upper 300 m depth interval and overall, there is a tendency toward lighter values with increasing depth (Figure 4a ). In sharp contrast to the pyrite in the upper kilometer, the samples in the −1,530 to in Figures 2b,c 3e, 6b, and 7b,c) . Although a couple of superheavy Figure   S4e ). The fluid inclusions show a corresponding decrease in homogenization temperatures of 68-96°C and highly saline fluids (ice melting temperatures that correspond to 22 wt.% CaCl 2 eq., details in supporting information) in the older (inner) calcite phase to low salinity (2-4 wt.% CaCl 2 eq.), and low-temperature single-phase type (corresponding to entrapment temperatures <50°C) in the outer parts. The δ 13 C calcite values of this calcite are −15 to −10‰ throughout the crystal with a slight drop to −18‰ in the outermost rim.
Pyrites embedded in this calcite (related to the first calcite phase)
show an extreme δ 34 S-increase with growth of up to >+120‰, and this 34 S-enrichment is repeated at several later occasions in the later growth phases which are related to the outermost calcite phase and lower temperatures.
| Radioisotopic dating
To obtain temporal constraints for the precipitation of pyrite, micro- The later growth phases with superheavy pyrites in the KLX14A:80 m sample were not dated due to lack of cogenetic Rb-rich minerals.
In addition (U-Th)/He ages obtained from 16 aliquots of hematite from a fracture carrying pyrite (δ 34 S pyrite : −19.8 to +10.2‰, see relation in Figure 5b ) yield weighted means of 460 ± 30 Ma (relatively pure hematite, 2 std err) and 424 ± 38 Ma (mixed hematite-clay aliquots, Figure 5a ).
| Biomarkers
All three of the calcite subsamples analyzed for biomarkers show organic remains trapped in the calcite matrix. These compounds are indigenous to the calcite, as they are not present in the reference blank or in the extract of the first extraction step of the ground calcites. The analytical focus was on the fatty acid (FA) composition which shows a significant difference between the investigated samples (Supporting Information Table S5 ). Both the older part of KLX14A:80 m that is related to the first phase of pyrite precipitation and to the clay minerals formed at 393 ± 15 Ma, and KLX04:925
show numerous FA ranging from n-C 12 to n-C 28 with a maximum at n-C 16 (42.63%) followed by n-C 14 (15.35%), n-C 18 (9.27%), and n-C 15 (9.92%). Long chain FA (n-C 20 to n-C 28 ) occur in very low abundances with a predominance of even over odd chain lengths. This calcite contains a significant amount of branched FA (up to 10.7%) especially methyl-branched C 14 FA (i.e., i-C 15 ; ai-C 15 ; 11-Me-C 14 ;
10-Me C 14 ; 8-Me C 14 ) and methyl-branched C 16 FA (i.e., i-C 17 ; ai- Figure S1 and Data S2 are detected, such as i-C 19 ; ai-C 19 ; i-C 20 ; i-C 21 ; ai-C 21 ; ai-C 22 ; i-C 24 ;
i-C 25 ; and ai-C 25 . The calcite overgrowth in the KLX14A:80 m sample contains less branched FA than the older calcite but had 97% straight chain FA (Supporting Information Table S5 ) with n-C 18 (55.03%) as most abundant FA followed by n-C 16 (33.75%) and n-C 14 (3.36%). In this sample, traces of alkanes in the range from C 16 to C 36 with an even over odd predominance are detected as well as diterpenoids such as phyllocladane, abietane, and kaur-16-ene (Supporting Information Figure S5 ). The outermost pyrite framboids are spatially associated with substances with readily detectable organic carbon, resembling extracellular polymeric substances (Supporting Information Figure S6 ).
| D ISCUSS I ON
| Ages and general characteristics of the system
Based on Rb-Sr isochrons on phases interpreted as cogenetic, py- (Kaneda, 1991) . Especially i-and ai-branched C 15 and C 17 FA commonly occur in sulfate reducing bacteria (SRB) (Elvert, Boetius, Knittel, & Jorgensen, 2003; Vainshtein, Hippe, & Kroppenstedt, 1992) . These FA were detected in significant amounts in the Devonian-Carboniferous calcite and pyrite investigated (Supporting Information Table S5 ). The FA ai-C 15 was the most abundant branched FA in our samples and is abundant in the sulfate reducing genera Desulfosarcina and Desulfococcus clusters in ANME-1-dominated microbial mats (Blumenberg, Seifert, Reitner, Pape, & Michaelis, 2004) . Very long chain FA including odd-numbered saturated FA including i-and ai-branched FA (like ai-C 25 ) have been found in two spore forming SRB strains of Desulfotomaculum ruminis (Rezanka & Sigler, 2009 and references therein). The thermophilic strain Desulfotomaculum australicum mainly consists of i-C 15 and i-C 17 FA (Love, Patel, Nichols, & Stackebrandt, 1993) . Furthermore, the branched 10-Me C 16:0 FA present in our samples is indicative for Desulfobacter species (Dowling, Widdel, & White, 1986; Taylor & Parkes, 1985) . Thus, the presence of SRB similar to Desulfobacter ). This is consistent with the δ 34 S sulfate in the current groundwaters at the sites (Laxemar:
| Substantial S isotope fractionation
P 20 -P 80 : 14-27‰, Drake et al., 2013 and Forsmark: 21-28‰, Laaksoharju et al., 2008) . This implies a 34 ε value of at least 70‰ to explain the lowest δ 34 S pyrite values in Laxemar and 34 ε of 40-50‰ for Forsmark and Götemar. Thermochemical sulfate reduction (TSR) formation of the sulfide can be ruled out as it produces 34 ε of up to 22‰ but usually much less (Kiyosu & Krouse, 1990) . In addition, the fluid inclusion homogenization temperatures of less than <50 to 96°C in the cogenetic calcite also rule out TSR that occurs at >100°C (Machel, 2001 ). Instead, the estimated 34 ε value of >70‰ is in line with 34 ε observed during pyrite precipitation as a consequence of MSR in the present groundwater at one of the studied areas (Drake, Tullborg, et al., 2015) . This very high 34 ε is not unreasonable because even larger isotope effects have been reported from deep ocean sediments, resulting in superheavy dissolved sulfate (up to +135‰) during MSR (Rudnicki, Elderfield, & Spiro, 2001 ). Current deep groundwaters at the studied sites have generally high sulfate concentrations (1-10 mM) and low organic substrate levels (<0.2 mM dissolved organic carbon, Drake et al., 2013) . In laboratory experiments, these features favor slow sulfate reduction rates and concomitant development of large 34 ε values (Leavitt et al., 2013) . Strong support for this process is provided by microbial studies at the sites revealing microbial adaptations to extreme oligotrophy (i.e., nutrient-limited conditions) such as simplified energy conservation, ultrasmall cell sizes, streamlined genomes (Wu et al., 2016) , and very slow microbial processes in flow-cell experiments (Pedersen, 2012) . The system thus currently favors development of large 34 ε values, like in deep-sea sediments (Hoehler & Jorgensen, 2013; Jørgensen, 2011) and as apparently occurred in the Devonian and Carboniferous periods when the first precipitation of pyrite occurred. Additionally, genetic evidence of microbial reduction in elemental sulfur to sulfide exists in the groundwater aquifers at one of the sites (Wu et al., 2016) suggesting that this process, with a potential 34 ε value of up to 13‰ (Cypionka, Smock, & Böttcher, 1998) , may occur due to insufficient electron donors and elemental sulfur production via interaction of HS -with Fe oxides on the fracture surfaces (Figure 5b ). This mechanism may contribute to further increase the observed 34 ε value due to additional fractionation of the already 32 S-depleted HS -pool. It should be noted that Fe oxides are not very abundant in the studied fracture system in contrast to situations where superheavy pyrite occurs in the marine realm (Aller et al., 2010) . Therefore, oxidative processes are probably not widespread significant contributors to the S-isotope variability in the fracture system. 
| Superheavy values and mass balance of δ 34 S pyrite
To achieve the observed superheavy δ 34 S pyrite values, Rayleigh reservoir effects are needed. These mechanisms occur in semiclosed systems where δ 34 S values progressively rise when sulfate reduction occurs at rates higher than its supply by advection and diffusion such that the dissolved sulfate pool shrinks (Ohmoto & Goldhaber, 1997; Seal, 2006) . As the light sulfur isotope is favored during MSR as described in the previous section, the remaining successively smaller sulfate pool becomes increasingly heavier (higher δ 34 S). By assigning a simple first order Rayleigh fractionation equation, we can assess whether it is theoretically possible to reach the observed portion of superheavy pyrite without using up the whole sulfate fraction in the system. This equation is commonly written (Faure & Mensing, 2005) : where δ 34 S is the δ 34 S value at a given fraction (f) of the sulfate reservoir, δ 34 S sulfate,0 is the initial sulfate value, and α denotes the
, where R is the ratio of the heavy to light isotope). Note that changes in fractionation may occur as the sulfate concentrations, electron donor levels, or cell-specific reduction rates change over the course of the reduction cycle, which is the case in pure cultures (Bradley et al., 2016; Sim et al., 2012 Figure S7e,f) . Therefore, the proportion of superheavy pyrite and the increase in δ 34 S pyrite values from core to rim are unlikely to be caused by TSR, but are a result of MSR featuring high 34 ε values in a system undergoing Rayleigh isotope fractionation. Furthermore, the small cell sizes which are characteristic for the oligotrophic deep subsurface (Lever et al., 2015; Wu et al., 2016) can enhance microscale S-isotope reservoir effects close to the cells during MSR (Louca & Crowe, 2017 ).
However, as described above, reaching the superheavy values generally requires that the δ 34 S sulfate,0 is already enriched in 34 S when entering the studied fracture volume and that large amounts of 32 S-rich sulfide need to be produced and isolated from the fluid phase elsewhere in the fracture system. This is on one hand similar to marine seabed systems where precipitation of light pyrites in the superficial parts of the sediment has been used as an explanation for precipitation of significant amounts of 34 S-enriched pyrite at the SMTZ at greater depth (Borowski et al., 2013; Lin et al., 2016) . On the other hand, the system we describe here is likely much more complex as: (i) the evolution and variability of the δ 34 S pyrite values are highly fracture-specific, (ii) most of the studied fractures intersected by the different boreholes are not interconnected hydrologically and show very large variation in flow rates and hydrochemistry (Laaksoharju et al., 2009), and (iii) there are large scale horizontal and vertical flows including both discharge and recharge situations (Rhén & Hartley, 2009 (Drake et al., 2013) and +38‰ in Forsmark (Laaksoharju et al., 2008) .
| Origin of large fractions of extremely 34 S-enriched pyrite
The most extreme cases where superheavy δ 34 S pyrite values of (Bradley et al., 2016; Habicht et al., 2002) .
The consistent superheavy δ 34 S pyrite values may thus reflect that sulfate limitation was reached during MSR in isolated fracture volumes. Bradley et al. (2016) showed that correlation between sulfate concentration and fractionation is strain-specific. Although we can link organic remains within the minerals to sulfate reducers, these biomarkers cannot be used to identify particular strains. Additionally, several factors that may influence 34 ɛ, including electron donor availability, cell-specific reduction rates, strain-specific half saturation constants, and sulfate concentrations (Bradley et al., 2016; Leavitt et al., 2013) , are unknown in this fossil system. The fact that the sulfate concentration-34 ɛ relationship follows a nonlinear MichaelisMenten curve at a given cell-specific sulfate reduction rate (Habicht, Salling, Thamdrup, & Canfield, 2005 
| Carbon sources and microbial community
Methane is typically 13 C-depleted (i.e., light δ 13 C values), particularly when it is microbial in origin (Whiticar, 1999) . As these 13 Cdepleted signatures are inherited by the dissolved inorganic carbon and consequently precipitated as carbonate minerals, 13 C-depleted authigenic carbonate serves as a tracer for AOM (Peckmann & Thiel, 2004) . The frequent presence of cogenetic calcite with superheavy pyrite in our setting enables assessment of whether the extremely 34 S-rich pyrites are AOM-related in similarity with findings in marine sediments (Borowski et al., 2013; Jorgensen, 1990; Lin et al., 2016 pyrite crystals are related to calcite with δ 13 C ranging from −23 to −9‰ (Figure 7a ). This basically rules out methane as a main source of carbon and instead is indicative of substantial microbial organotrophy (Whiticar, 1999) . AOM evidently occurs in these fractured crystalline rocks , but in contrast to findings in the marine realm, is not a necessity for production of superheavy δ 34 S pyrite values. Based on the interpreted organoclastic δ 13 C signature and the biomarker record in the calcites, presence of SRB similar to Desulfobacter seems plausible, as they can use C-sources such as acetate, pyruvate, and ethanol (Garrity, Brenner, Krieg, & Staley, 2005) . Furthermore, consortia of Desulfonema spp., Desulfobacter spp., Desulfobulbus spp., and Desulfomicrobium spp. are able to completely degrade wood-derived organics such as lignocellulose (Yamashita, Yamamoto-Ikemoto, & Zhu, 2011) .
In addition, the kaurene and abietane deterpenoids which serve as biomarkers for conifers make it possible (in the case of sample KLX14A:80 m) to tie the source of organics to a surficial origin, introduced into the fracture with descending waters. The youngest pyrite overgrowths in this fracture are evidently also spatially associated with substances with readily detectable organic carbon, resembling extracellular polymeric substances (Supporting information Figure S6 ).
| CON CLUS IONS
These results demonstrate that the MSR occurring mainly in the 
